Abstract. We investigate formation of sulfate aerosol in the marine troposphere from neutral and charged nucleation of H 2 SO 4 and H 2 O. A box model of neutral and charged aerosol processes is run on a grid covering the oceans. Input data are taken from a model of galactic cosmic rays in the atmosphere, and from global chemistry and transport models. We find a weak aerosol production over the tropical oceans in the lower and middle troposphere, and a stronger production at higher latitudes, most notably downwind of industrial regions. The strongest aerosol production however occurs in the upper troposphere over areas with frequent convective activity, in particular in the tropics. This finding supports the proposition by which non-sea salt marine boundary layer aerosol in tropical regions does not form in situ, but nucleates in the upper troposphere from convectively lifted and cloud processed boundary layer air rich in aerosol precursor gases, from where it descends in subsiding air masses compensating convection. Convection of boundary layer air also appears to drive the formation of condensation nuclei in the tropical upper troposphere which maintains the stratospheric aerosol layer in the absence of volcanic activity. Neutral nucleation contributes only marginally to aerosol production in our simulations. This highlights the importance of other mechanisms, including charged binary and ternary, and neutral ternary nucleation for aerosol formation. Our analysis indicates that the variation of ionization by galactic cosmic rays over the decadal solar cycle does not entail a response in aerosol production and cloud cover via the second indirect aerosol effect that would explain observed variations in global cloud cover. We estimate that the variation in radiative forcing resulting from a response of clouds to the change in galactic cosmic ray ionization and subsequent aerosol production over the decadal solar cycle is smaller than the concurrent variation of total solar irradiance.
Introduction
Historically, formation of non-sea salt sulfate aerosol in the atmosphere has been attributed to neutral binary nucleation of water and sulfuric acid. However, classical nucleation theory has not been completely successful at explaining atmospheric nucleation events (Weber et al., 1997; Clarke et al., 1998a; Weber et al., 1999; Weber et al., 2001a) . Alternative pathways for sulfate aerosol formation have been suggested, including neutral ternary nucleation of water, sulfuric acid, and ammonia (Coffman and Hegg, 1995; Marti et al., 1997; Korhonen et al., 1999) , and charged (ion-induced) nucleation of water and sulfuric acid (Dickinson, 1975; Raes and Janssens, 1985, 1993; Yu and Turco, 2000) . Ions are likely aerosol precursors because they greatly stabilize small clusters with respect to evaporation. Atmospheric ions are produced mainly by galactic cosmic rays, and by radioactive decay of radon effusing from rocks and soils. Evidence for charged nucleation of aerosol includes direct observation of very large cluster ions in the upper troposphere (Eichkorn et al., 2002) and observations of bursts of intermediate ions followed by increases in ultrafine aerosol (Hõrrak et al., 1998) . More recently, Laakso et al. (2004) explained the characteristics of particle formation events by preferential condensation of sulfuric acid onto negatively charged clusters and particles and/or by contribution of ion-induced nucleation to particle formation. In this work we investigate sulfate aerosol formation in the marine troposphere from neutral and charged binary nucleation, compare the potential of different regions and processes to produce new aerosol, discuss the implications for marine boundary layer and stratospheric aerosol populations, and the possible response of global cloud cover to variations in galactic cosmic ray intensity in the course of the decadal solar cycle.
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Model
We use a hybrid kinetic-sectional model of neutral and charged sulfuric acid/water aerosol microphysics. This model is based on laboratory thermodynamic data for small charged H 2 SO 4 /H 2 O clusters (Curtius et al., 2001; Froyd and Lovejoy, 2003b) , and on thermodynamic data for small neutral H 2 SO 4 /H 2 O clusters obtained from the modified liquid drop model, adjusted by Lovejoy et al. (2004) to reproduce laboratory observations (Ball et al., 1999) . The thermodynamic data for large aerosol particles derive from H 2 SO 4 and H 2 O vapor pressures calculated with the Aerosol Inorganics Model (Carslaw et al., 1995) . The thermodynamic data for intermediate size particles are a smooth interpolation of the data from these sources. A detailed description of the model is given by Lovejoy et al. (2004) . We run this model on grids embedded into isobaric surfaces of the troposphere, excluding locations over continents and certain large islands. No interaction takes place between the grid points. Focusing on ocean areas reduces uncertainties in the model results: The diurnal temperature cycle is weaker over the oceans than over land (Seidel et al., 2005) , hence using daily long term mean temperatures yields a smaller error over oceans compared with land. Oceans are also only weak sources of radon (Schery and Huang, 2004) and of ammonia (Dentener and Crutzen, 1994) compared with land masses, and hence neglecting their effect on ion production and nucleation is more appropriate over the oceans than over continents. Nonetheless, ammonia and radon are transported from land over the oceans where they can aid nucleation, which we do not account for.
For this study, we chose the 925, 700, 550, and 300 hPa surfaces, and grids with a horizontal resolution of 5 • , covering all longitudes and the latitudes between 60 • S and 60 • N. The model thus covers 64% of the globe, or 90% of the oceans. We start the model at sunrise with a zero initial aerosol concentration and compute the aerosol size distribution at given times from the SO 2 concentration, the concentration of the hydroxyl radical OH, ionization rate, relative humidity, temperature, and pressure. The production rate of sulfuric acid is calculated under the assumption that the reaction SO 2 +OH is the rate-limiting step of the oxidation chain SO 2 →H 2 SO 4 (Lovejoy et al., 1996) .
Input data
3.1 SO 2 SO 2 concentrations are monthly means averaged over a 3 year period simulation of the global sulfur cycle by the Community Climate Model version 3 (CCM3) . In the CCM3 simulations sources of SO 2 are anthropogenic emissions and gas-phase oxidation of dimethyl Atmos. Chem. Phys., 6, [4905] [4906] [4907] [4908] [4909] [4910] [4911] [4912] [4913] [4914] [4915] [4916] [4917] [4918] [4919] [4920] [4921] [4922] [4923] [4924] 2006 www.atmos-chem-phys.net/6/4905/2006/ sulfide (DMS), while SO 2 sinks are gas and aqueous reactions forming sulfate, and dry and wet deposition. Both SO 2 and DMS emissions are patchy corresponding to particular industrial sources or oceanic upwelling regions, respectively. Figure 1 shows the resulting monthly mean SO 2 distribution for March. Over the oceans, the largest SO 2 concentrations emerge near continents, especially at lower altitudes. The high concentrations on the eastern edge of Asia and North America and on the western edge of Europe result from human activity, while the high concentrations at low altitudes near the west coast of South America and Africa are from DMS (Fig. 1a) . Isentropic and convective transport move SO 2 and DMS to higher altitudes where SO 2 is found mostly in the tropics (Fig. 1d ). An evaluation of the SO 2 concentrations with measurements found that modeled SO 2 agreed reasonably with observations but showed some overprediction of SO 2 in regions influenced by human activity . The annual cycle of lower-tropospheric, global SO 2 peaks in December and reaches a minimum in June following the emission pattern of Europe and Asia . At high altitudes the annual cycle is very weak and has a peak in summer.
OH
We parameterize the OH diurnal cycle as a half sine centered around noon, while setting the OH concentration to zero during nighttime. The 24 h mean of the OH diurnal cycle is set to the monthly mean OH concentrations from the global photochemical model of Spivakovsky et al. (2000) . Figure 2 shows the noon OH concentration for 21 March.
GCR ionization rate
Galactic cosmic rays (GCR) are the main source of ions in the troposphere above the oceans. Upon entering the Earth atmosphere, primary cosmic ray particles, mostly hydrogen and helium nuclei, collide with atmospheric gas molecules and initiate a cascade of nuclear and electromagnetic reactions producing secondary cosmic rays. The computer code PLOTINUS (Programmed Linear Operator for the Transport of NUclear Showers) (O'Brien, 2005) treats each component of the secondary cosmic radiation propagating through the atmosphere, accounting for the nuclear and electromagnetic interactions, and computes the flux of the secondary particles from the primary GCR spectrum. The ion production rate at a given location is computed from the particle fluxes and the atmospheric mass density at that location, and from the ionization cross sections of the atmospheric constituents. PLOTINUS output has been verified by comparison with observed particle fluxes, such as those tabulated by Allkofer and Grieder (1984) , and quite successfully reproduces the available measurements of cosmic ray ionization in the atmosphere: Fig. 3 compares the calculated GCR ionization mid-latitudes of the lower and middle troposphere. Low temperatures and high concentrations of SO 2 in the upper troposphere facilitate a powerful particle formation, especially above the ITCZ, where convection is strongest and SO 2 concentrations are relatively high.
4.2 H 2 SO 4 Figure 6 shows the concentration of gas phase sulfuric acid for noon of March 21, calculated with solar maximum ionization rates. Over large ocean areas, the H 2 SO 4 concentra- profiles with measurements of Lowder et al. (1972) at different locations and dates. GCR intensity and ionization are anticorrelated with the decadal solar cycle (Forbush, 1954; Neher and Forbush, 1958) . In this work, we use PLOTINUS and the International Geomagnetic Reference Field (IGRF) 1990 epoch and the cosmic ray modulation parameter for June 1990 to calculate the ionization rates at solar maximum, and the IGRF 1995 epoch and the cosmic ray modulation parameter for January 1998 to calculate the ionization rates at solar minimum. We use the GEOPACK 2003 software suite (Tsyganenko, 2003) to calculate the orientation of the Earth magnetic dipole for a given year and the day of the year and the corresponding transformation between geographic and geomagnetic coordinates. Figure 4 shows the resulting GCR ionization rates for solar maximum at the four modeled pressure levels.
Temperature and relative humidity
We use temperature and relative humidity NCEP/NCAR reanalysis data provided by the NOAA-CIRES Climate Diagnostics Center (2004) . These data are based on assimilation of observations starting in 1948 by a global atmosphere model and represent the daily mean temperature and relative humidity averaged between 1948 and 2005.
Results

Aerosol production
We start our model with no preexisting aerosol, hence all sulfuric acid in the gas phase contributes to the formation and growth of new particles, instead of condensing onto any preexisting aerosol. The resulting aerosol concentrations are thus an upper limit in the adopted conditions. Figure 5 shows the concentration of supercritical aerosol (particles larger than the neutral critical cluster) calculated with our model for noon of 21 March, using solar maximum ionization rates. These aerosol concentrations were obtained by integrating the aerosol size distribution starting at particles that contain one H 2 SO 4 molecule more than the neutral critical cluster, up to about 900 nm in diameter. However, no 900 nm particles form in the 24 h of our simulations, and the peak of the freshly nucleated aerosol size distribution is typically located between 2 and 10 nm in diameter at noon, depending on temperature, RH, and on the availability of gas phase H 2 SO 4 . Over the tropical oceans, aerosol production is negligible in the lower troposphere (Figs. 5 a, b) , where aerosol concentrations remain below 1 cm −3 over most of the area. Slightly higher, but nonetheless weak aerosol production occurs in the tropical middle troposphere (Fig. 5c ). High aerosol concentrations arise at mid-latitudes in the lower and middle troposphere, in particular downwind of industrial regions of the northern hemisphere (Figs. 5a, b, c) . The highest aerosol production, however, occurs in the upper troposphere (at the 300 hPa level of our simulations), most notably above the intertropical convergence zone (ITCZ) (Fig. 5d ). The aerosol concentration patterns seen in Fig. 5 can be readily explained with the distribution of SO 2 ( Fig. 1 ) and temperature: Low SO 2 concentrations and warm conditions in the low and middle troposphere in the tropics hamper nucleation and aerosol growth. Prevailing westerlies transport SO 2 in the northern hemisphere and DMS in the southern hemisphere eastwards, thus enabling aerosol formation in the mid-latitudes of the lower and middle troposphere. Low temperatures and high concentrations of SO 2 in the upper troposphere facilitate a powerful particle formation, especially above the ITCZ, where convection is strongest and SO 2 concentrations are relatively high.
Aerosol concentrations depend not only on SO 2 and OH concentrations, but also on day length, and on the distributions of relative humidity and temperature. In June, September, and December (not shown), similar patterns in the distribution of supercritical aerosol concentrations in the lower and middle troposphere emerge from our simulations: Very low values prevail at tropical latitudes, while higher latitudes exhibit larger aerosol concentrations. At 300 hPa, the aerosol peak concentration follows the ITCZ and the SO 2 distribution, and is shifted towards the northern hemisphere in June and September, and towards the southern hemisphere in March and December. In order to compare the contribution from neutral and charged nucleation, we repeated our model runs with ionization switched off. Aerosol concentrations reached only negligible values in these runs, at most a few percent of those resulting from charged nucleation. The highest contribution to aerosol production from neutral binary nucleation occurred at the 300 hPa level, owing to the low temperatures in the upper troposphere. Figure 6 shows the concentration of gas phase sulfuric acid for noon of 21 March, calculated with solar maximum ionization rates. Over large ocean areas, the H 2 SO 4 concentrations assume values between 10 7 and 2.5·10 7 cm −3 . Elevated values (>10 8 cm −3 ) occur in coastal areas with high SO 2 ( Fig. 1 ) and OH concentrations (Fig. 2) . Depressed values are seen in unpolluted areas at higher latitudes, where OH concentrations are low due to larger solar zenith angles.
H 2 SO 4
In the the equatorial western Pacific, low noon sulfuric acid concentrations in the lower and middle troposphere (Figs. 6a-c) contrast with higher concentrations the upper troposphere (Fig. 6d ). This distribution is due to frequent convective transport of SO 2 from the lower to the upper troposphere over the western Pacific warm pool (Fig. 1) . The opposite pattern is seen in a collection of sulfuric acid measurements (Weber et al., 2001b) acquired in the region outlined in Fig. 6 , which show a decrease of sulfuric acid concentrations from values between 10 6 and 10 8 cm −3 near the ocean surface to values around 10 6 cm −3 in the upper troposphere. In our simulations, this decrease with altitude is established later in the day (Table 1) , owing to the accumulation of sulfuric acid in the lower and middle troposphere where particle concentrations (Figs. 5a-c) and thus gas phase sulfuric acid loss are low, and due to the loss of sulfuric acid onto the numerous freshly nucleated particles in the upper troposphere (Fig. 5d ). Thus the formation of ultrafine particles in the upper troposphere shapes the sulfuric acid altitude profile as seen in the measurements of Weber et al. (2001b) , who also report an increase in ultrafine particle concentrations with altitude. This comparison must be taken with a grain of salt, as the conditions at the time of the measurements may have differed from those in our simulations, and as our model does not account for a number of relevant processes.
Response of aerosol production to variations in GCR ionization
We ran simulations using GCR ionization rates for solar maximum and solar minimum and otherwise identical conditions. This approach allows us to assess the idealized response of aerosol nucleation to the variation of GCR ionization over the solar cycle. In reality, variability of ambient conditions and of aerosol concentrations unrelated to the solar cycle may render a solar cycle signal in aerosol nucleation at a given time and location undetectable. In order to ensure antisymmetry and convergence, we define the operator GCR giving the response of a quantity, such as the supercritical aerosol concentration N , to the increase in GCR ionization q from solar maximum to minimum as
where q min and q max are ionization rates at solar minimum and solar maximum, respectively. We will refer to a positive response (correlation) of N to GCR ionization if GCR N is >0, and to a negative response (anticorrelation) if GCR N <0. In warm conditions, or at low H 2 SO 4 production, only few aerosol particles may grow to supercritical sizes. As our model is started with a zero aerosol concentration, model bins otherwise containing supercritical aerosol particles may remain empty. Numerical errors will produce small random aerosol concentrations in these "empty" bins, and comparing supercritical aerosol concentrations from two model runs may lead to random differences. These numerical errors are easily detected when they result in | GCR N |>| GCR q|, but they would go unnoticed for | GCR N |<| GCR q|. We Figure 7 shows GCR N at noon of 21 March at the four modeled pressure levels. In the lower troposphere (Figs. 7a, b) , the supercritical aerosol concentrations remain below the 0.001 cm −3 threshold (gray areas) over the warmest regions of the tropical oceans. Positive response (red) prevails outside the tropics in the lower and middle troposphere, with the highest positive response downwind of industrial regions of the northern hemisphere (Figs. 7a, b , c). Negative response (blue) occurs mainly at higher latitudes, except for isolated locations in the tropical middle troposphere (Fig. 7c) .
The spatial patterns in Fig. 7 can be explained as follows: Sulfuric acid and ion concentrations determine the production rate of supercritical clusters (Kazil and Lovejoy, 2004) : High H 2 SO 4 concentrations enable a fast growth of the charged subcritical clusters relative to their loss by neutralization, and an increase in ionization increases the formation rate of supercritical particles (correlation regime). Conversely, at low H 2 SO 4 concentrations, with slow cluster growth, an increase in ionization enhances loss of charged subcritical clusters through neutralization, reducing the formation rate of supercritical particles (anticorrelation regime). The response of supercritical aerosol to GCR ionization in Fig. 7 is therefore positive where H 2 SO 4 production and concentrations are sufficiently high, such as in regions with high anthropogenic SO 2 concentrations in the northern hemisphere, or in regions with high SO 2 concentrations from DMS in the southern hemisphere. In regions with low SO 2 concentrations and high ionization, the response is negative.
However, H 2 SO 4 production has a diurnal cycle. Figure 8 shows the diurnal evolution of H 2 SO 4 concentration and the resulting response of supercritical aerosol GCR N for a given location. The H 2 SO 4 concentration increases from low values in the morning, as production increases, reaches a peak after midday, and decreases in the afternoon due to declining production and enhanced loss onto particles. GCR course of the day, nucleation enters the correlation regime, and GCR N turns positive shortly before noon. It reaches a peak in the afternoon and declines thereafter due to coagulation, which, being a second-order process, reduces higher aerosol concentrations more efficiently than lesser ones. The response GCR N 3nm of aerosol particles exceeding 3 nm in diameter remains below GCR N at all times: Larger particles form earlier in the day compared with smaller particles, and therefore closer to or further in the anticorrelation regime. Since our model starts with no preexisting aerosol, sulfuric acid concentrations are limited only by loss to freshly nucleated aerosol, which hence forms in the most favorable conditions for a positive response to an increase in ionization. Extending the model run by another day e.g. would yield a smaller peak in GCR N on the second day due to condensation of H 2 SO 4 onto aerosol that formed during the first day. We therefore argue that in the given conditions, the peak of the supercritical aerosol response max( GCR N ) as seen in Fig. 8 represents an upper limit to the response of freshly nucleated, stable aerosol concentrations to the increase of GCR ionization from solar maximum to minimum. Table 2 gives the spatially weighted average max( GCR N) over the model area on the four modeled dates and pressure levels. The averages are similar for the lower and middle troposphere (925, 700, and 550 hPa levels), except for June: This month is characterized by a minimum in the annual SO 2 cycle, and by short daylight periods over a large ocean area (in the southern hemisphere), resulting in reduced H 2 SO 4 production and in aerosol nucleation in or near the anticorrelation regime. At 300 hPa, GCR ionization is stronger compared with the lower levels (see Fig. 4 ), and nucleation takes place closer to the anticorrelation regime despite abundant SO 2 (see Fig. 1d ), resulting in lower values of max( GCR N).
Discussion
Sources of marine boundary layer aerosol
Sources of marine boundary layer (MBL) aerosol include ejection of sea salt particles from the ocean surface, entrainment of aerosol particles from the free troposphere, and in situ nucleation. However, condensation of sulfuric acid onto preexisting aerosol is energetically more efficient than nucleation, and typical MBL (dry) aerosol surface area concentrations of 20-100 µm 2 cm −3 (Covert et al., 1996) do not allow gas-phase sulfuric acid to attain concentrations required for nucleation. Accordingly, nucleation occurs in the MBL only infrequently, e.g. when aerosol surface area is reduced by precipitation, and does not contribute appreciably to long-term average MBL aerosol concentrations (Katoshevski et al., 1999) . Hence most of the non-sea salt sulfate aerosol in the MBL must originate from other locations. Indeed, model studies Raes, 1995) and observations (Clarke et al., 1996; Raes et al., 1997; Bates et al., 1998) have explained MBL aerosol concentrations with entrainment from the free troposphere. Katoshevski et al. (1999) even concluded that MBL aerosol number concentration is dominated by aerosol from the free troposphere under virtually all conditions.
Free tropospheric aerosol production is associated with clouds: Hegg et al. (1990) reported significantly enhanced concentrations of ultrafine particles ( <10 nm in diameter) near the tops of marine stratiform clouds. They suggested that clouds may be a necessary precursor of aerosol in the marine atmosphere, implicating a feedback loop of aerosol production by clouds and cloud formation from aerosol. Observations of very high concentrations of ultrafine particles in the outflow regions of convective clouds (Clarke, 1993; Clarke et al., 1998b Clarke et al., , 1999 Wang et al., 2000; Twohy et al., 2002) led to the proposition that in the tropics, the MBL aerosol population is maintained by deep convection lifting boundary layer air rich in aerosol precursor gases into the upper troposphere, initiating nucleation aloft Clarke, 1993; Clarke et al., 1998b) . Preexisting aerosol surface area preventing nucleation in the air lifted from the MBL would be reduced in the updraft by cloud scavenging. The newly formed particles would slowly descend from the upper troposphere in the subsiding air motion compensating convection, grow, and eventually enter the MBL where they would replenish the aerosol population.
Model simulations support aerosol production by clouds: Using a mesoscale model at subtropical and mid-latitudes, Liu et al. (2001) found significant aerosol nucleation occur- ring near tops of marine boundary layer clouds and in regions of convective outflow. More recently, Ekman et al. (2006) investigated a convective cloud with a 3D cloud resolving model and showed that during the convective event, polluted air was transported from the boundary layer to the cloud top region, while aerosols were efficiently scavenged by cloud processes. The air in the cloud top region proved highly conducive to aerosol nucleation, even after dissipation of the cloud. Our simulations show a negligible nucleation in the tropical MBL even in the absence of preexisting aerosol, and a weak nucleation in the tropical middle troposphere. In contrast, vigorous nucleation occurs in the upper troposphere, in particular above the ITCZ, where convection accounts for elevated SO 2 concentrations (Fig. 1d) , resulting in supercritical aerosol concentrations of up to 75 000 cm −3 (Fig. 5d) . This is consistent with observations by Brock et al. (1995) , who found very high aerosol concentrations in the tropical upper troposphere, and much lower concentrations at midlatitudes. A similar distribution has also been presented by Clarke and Kapustin (2002) , who show very high concentrations (up to 50 000 cm −3 ) of ultrafine particles (between about 3 and 15 nm in diameter) occurring in the upper troposphere mainly over the ITCZ. Our results further the proposition that these particles in the tropical upper troposphere nucleate from convectively lifted and cloud processed boundary layer air, and represent the source of non-sea salt sulfate aerosol in the tropical MBL. However, while Brock et al. (1995) attributed the formation of these particles to neutral nucleation of H 2 O and H 2 SO 4 , charged nucleation dominates particle formation in our simulations. The uncertainties regarding the mechanism responsible for nucleation in the upper troposphere are discussed in Sect. 5.6.
Effect of preexisting aerosol on aerosol nucleation
The results presented in Sect. 4 were obtained assuming zero preexisting aerosol concentrations, which may lead to an overestimation of freshly nucleated particle concentrations. This weighs most with regard to the high nucleation in the tropical upper troposphere, and least with regard to the marginal nucleation in the tropical MBL predicted by our model. However, it is based on this striking difference that we argue for the tropical upper troposphere as a source of non-sea salt sulfate aerosol in the tropical MBL. The question to answer is therefore "Can a vigorous nucleation be expected in the tropical upper troposphere in the presence of actual aerosol concentrations?" Specifying representative aerosol concentrations on global scales is not straightforward. A comprehensive survey of aerosol observations in the marine troposphere has been published by Clarke and Kapustin (2002) . Their compilation shows that for both polluted and clean air, the aerosol surface area decreases with altitude: Lower tropospheric average surface area concentrations amount to approximately 45 µm 2 cm −3 in polluted and 10 µm 2 cm −3 in clean conditions. Above 7 km, average surface area concentrations are less than 10 µm 2 cm −3 in both cases. These surface area concentrations are given at STP, hence the actual decrease of surface area concentration with altitude is steeper than these numbers indicate. The variability of individual measurements around the average values is substantial.
We have conducted a sensitivity study to investigate the effect of preexisting aerosol on nucleation, running our model with different preexisting aerosol surface area concentrations between 0 and 20 µm 2 cm −3 (in ambient temperature and pressure). The aerosol size distribution was initialized as a log-normal mode with a geometric mean diameter of 165 nm and with a geometric standard deviation as 1.45 based on values for marine accumulation mode aerosol given in the compilation of Heintzenberg et al. (2000) . Here we will discuss the change of the >3 nm diameter particle concentration from 0 h to 24 h of 21 March, calculated using solar maximum ionization rates: Comparing the concentrations of supercritical aerosol particles is not meaningful here, as the size of the neutral critical cluster depends on gas phase H 2 SO 4 concentration, which again depends on the preexisting aerosol concentration, the parameter varied in the sensitivity study. Also, 3 nm is the smallest particle diameter that can be detected with current experimental techniques. Results for June, September and 21 December are qualitatively similar to those for 21 March.
At 2.5 µm 2 cm −3 preexisting aerosol surface area concentration, particle formation is suppressed in most of the tropical lower and middle troposphere (Figs. 9a, b , and c). High particle concentrations emerge in the mid-latitudes of the lower and middle troposphere, but most notably in the upper troposphere (Fig. 9 d) . At 10 µm 2 cm −3 , the production of >3 nm diameter particles in the lower and middle troposphere is reduced to pockets around coastal areas (Figs. 10a-c 11 . Change of the >3 nm diameter particle concentration from 0 h to 24 h, 21 March, calculated using solar maximum ionization rates, with a preexisting surface area concentration of 15µm 2 cm −3 (a) and 20 µm 2 cm −3 (b) at 0 h, at 300 hPa. The decrease of aerosol concentrations in areas where no new aerosol has formed is due to coagulation of the preexisting aerosol particles.
is capable of a widespread >3 nm diameter particle production (Fig. 10d) . At 15 µm 2 cm −3 , particle production is still proceeding in the upper troposphere over the western Pacific warm pool, where deep convection is most frequent, and downwind of convection occurring in south America (Fig. 11a) , but has mostly disappeared at 20 µm 2 cm −3 (Fig. 11b) .
The question posed above can be answered in the affirmative: Indeed, a vigorous nucleation can be expected in the tropical upper troposphere in the presence of actual aerosol concentrations. More specifically, in the adopted average conditions and for the nucleation mechanisms accounted for in our model, the tropical upper troposphere can maintain particle formation at preexisting aerosol surface area concentrations above observed average values, while the middle and lower tropical troposphere require a reduction of aerosol surface area concentrations below observed average values, or favorable deviations from average SO 2 concentrations, temperatures, relative humidities, or the contribution of ammonia or other aerosol precursor gases to produce particles. This result supports our finding on the role of nucleation related to convective lifting of boundary layer air into the upper troposphere over the oceans as a source of MBL aerosols.
5.3 Sources of stratospheric condensation nuclei Brock et al. (1995) showed that a source of condensation nuclei in the tropical upper troposphere can explain observed stratospheric aerosol concentrations in the absence of volcanic activity if transport of the condensation nuclei from the tropical upper troposphere by the residual stratospheric circulation and their coagulation are taken into account. No stratospheric particle source is required. In the light of our simulations and the observations of ultrafine particles in the outflow of convective clouds (Clarke, 1993; Clarke et al., 1998b Clarke et al., , 1999 Wang et al., 2000; Twohy et al., 2002; Clarke and Kapustin, 2002 ) this source appears to be driven by convective lifting of aerosol precursor gases from the marine boundary layer. However, convection as a mechanism responsible for the formation of stratospheric condensation nuclei needs not to be restricted to the tropics, as Fischer et al. (2003) have observed injection of boundary layer air into the stratosphere by deep convection at mid-latitudes.
Sea surface temperatures and aerosol nucleation
Convection and cloud processing of boundary layer air as a mechanism initiating nucleation in the tropical upper troposphere, maintaining the tropical marine boundary layer aerosol concentrations, and supplying condensation nuclei to the stratosphere has interesting, but speculative implications: Convection and the associated cloud processes depend on sea surface temperatures, which are controlled by internal processes of the climate system, and by anthropogenic and solar forcing (Reid, 1987; White et al., 1997 White et al., , 1998 . Hence sea surface temperatures and its controlling factors potentially influence particle formation in the upper troposphere, and ultimately marine boundary layer and stratospheric aerosol concentrations, with subsequent effects on radiative transfer, atmospheric chemistry, and meteorology.
Galactic cosmic rays, aerosols, and clouds
Numerous studies have discussed an apparent correlation of cloud cover and GCR intensity: At solar minimum, when GCR intensity peaks, the global cloud cover would be larger compared with solar maximum, when GCR intensity dips. The correlation was first reported by Svensmark and Friis-Christensen (1997) , who found a 3-4% variation of the global cloud cover over a solar cycle based on data of the International Satellite Cloud Climatology Project (ISCCP) (Rossow and Schiffer, 1991) for the years 1983-1992. Kristjánsson and Kristiansen (2000) pointed out that the correlation may be purely coincidental, as the ISCCP data showed a divergence of cloud cover and GCR intensity in the years 1991-1994, but concluded that global cloud fraction is higher by 0.0176 and radiative forcing reduced by 0.29 W m −2 at solar minimum 1986 compared with solar maximum 1990. Marsh and Svensmark (2000) confined the correlation to clouds over land and ocean below 680 hPa for the period 1983-1994. They estimated that global low cloud fraction is higher at solar minimum by 0.02 and radiative forcing reduced by 1.2 W m −2 compared with solar maximum. Kristjánsson et al. (2002 Kristjánsson et al. ( , 2004 analyzed the revised ISCCP cloud dataset (Rossow and Schiffer, 1999) for the period 1983-2001 and found a weak correlation between low cloud cover and GCR intensity, and a much better correlation between low cloud cover and total solar irradiance. They proposed a mechanism connecting solar irradiance and low clouds, rather than GCR and low clouds.
A mechanism linking galactic cosmic rays, aerosols and clouds has been outlined initially by Dickinson (1975) : Sulfate aerosol particles forming from ions produced by GCR might grow to cloud condensation nuclei (CCN) and eventually become cloud droplets. The variation of GCR ionization over the solar cycle would thus appear in cloud droplet concentrations and hence in cloud albedo via the first indirect aerosol effect (Twomey, 1977) and cloud lifetime via the second indirect aerosol effect (Albrecht, 1989) . The result would be a solar cycle modulation of radiative forcing of the troposphere.
We can estimate the response of cloud properties to a change in aerosol concentrations via the first and second indirect effects and the associated change in radiative forcing: Sekiguchi et al. (2003) derived the expressions
and
relating differences in aerosol column concentrationsN to differences in cloud fraction n and cloud optical thickness τ from aerosol and cloud parameters obtained from the Advanced Very High Resolution Radiometer (AVHRR) (Kidwell, 1998) and from the Polarization and Directionality of the Earth's Reflectance (POLDER) (Deschamps et al., 1994) satellite instruments. Cloud albedo A c can be calculated from cloud optical thickness with (Bohren, 1987) , with the scattering asymmetry factor g≈0.85. The daily mean shortwave radiative forcing Q SW over an ocean location can then be approximated with
with the total radiative output from the Sun at the Earth S=1366 W m −2 (Lean and Rind, 1998) , the ocean surface albedo A s , and the atmospheric transmission T . Setting T =1 maximizes the response of Q SW to a change in cloud properties. We adopt a mean cloud fraction n=0.34 of stratiform clouds over the oceans (Warren et al., 1986) , the average optical depth τ =5.26 of low level clouds over the oceans (Kawamoto et al., 2001) , and a mean ocean surface albedo A s =0.06 (Satheesh et al., 2002) . Equation (2) shows that an increase in aerosol column concentration by 71% would be required to increase cloud fraction by 0.02. However, over our model area, the maximum increase in ionization rate from solar maximum to minimum amounts to 13.0%, 17.5%, 21.5%, and 27.6% at the 925, 700, 550, and 300 hPa pressure levels, respectively. The correlations of Sekiguchi et al. (2003) therefore imply that the increase in cloud fraction from solar maximum to minimum reported by Marsh and Svensmark (2000) for the ISCCP dataset is unlikely due to ions growing to aerosol particles. Nonetheless, by applying Eqs. (2)-(5) to our model results we can obtain an estimate of the upper limit to the response of cloud fraction δn, cloud albedo δA c , and shortwave radiative forcing δQ SW to the change in GCR ionization over the solar cycle. For this purpose we assume that the maximum effect occurs when the aerosol particles visible to satellites carry the same response to a change in ionization as the small, recently nucleated supercritical particles, or equivalently, that each of the aerosol particles visible to satellites evolved from one of the recently nucleated supercritical aerosol particles. However, our model does not give aerosol column concentrations, but only aerosol concentrations at selected pressure levels. We will therefore perform the calculations assuming that aerosol that nucleated at either the 925 or the 700 hPa pressure levels dominates the aerosol column concentration. With these two pressure levels we cover the lower troposphere, where clouds with most impact on the shortwave forcing and the apparent GCR-cloud correlation are located. We will show that the choice of pressure level for the origin of the aerosol has little impact on the results. Figure 12 shows the spatial distribution of max( GCR N) for 21 March at 925 hPa (a) and at 700 hPa (b). The corresponding change of cloud fraction δn is shown in Figs. 12c,  d , and the change in cloud albedo δA c in Fig. 12e, f. Figures 12g , h show the associated change in daily mean shortwave radiative forcing δQ SW . A notable feature of these distributions is the strong response of cloud properties and radiative forcing in regions with elevated SO 2 concentrations (see Figs. 1a, b) , in particular in the northern hemisphere, where anthropogenic SO 2 is prevalent. This permits the conclusion that in these regions we would have obtained a lesser response of cloud properties and of radiative forcing to the variation in GCR intensity over the solar cycle using pre-industrial SO 2 concentrations, except during periods of volcanic activity. The spatially weighted averages of the quantities shown in Fig. 12 are given in Table 3 . Except for June, when the annual SO 2 cycle has a minimum and the large southern oceans receive comparably little sunlight, the averaged quantities assume similar values, independent of the pressure level. In all cases, the change in daily mean shortwave radiative forcing from solar maximum to minimum falls short of the concurrent decrease of 0.1% in total solar irradiance from solar maximum to minimum (Lean and Rind, 1998) , which amounts to -0.24 W m −2 .
It is important to point out that at each step of our derivation of the effects of GCR intensity variations on aerosol concentrations, cloud properties, and on radiative forcing we aimed at obtaining an upper limit: We chose the most favorable conditions for a positive response of aerosol nucleation to the change in GCR ionization from solar maximum to minimum, and then picked at every location of the model area the largest response in the course of the day. In addition, we used the response of supercritical aerosol concentration, which exhibits a larger response to GCR ionization than the concentration of larger particles, which will become CCN first. We neglected that cloud droplets may form from aerosol that does not originate from ions, which would reduce the response of cloud properties to GCR ionization. We neglected atmospheric absorption and calculated the change in shortwave radiative forcing, which overestimates the net change in radiative forcing, as an increase in cloud cover reduces infrared cooling of the surface. We also calculated the change in shortwave radiative forcing for oceanic regions, which is greater than the shortwave radiative forcing for continental regions due to the lower surface albedo and the higher stratiform cloud fraction over the oceans.
Uncertainties
This work represents only a step towards an accurate description of the phenomena it addresses, and is subject to a number of uncertainties:
-Aerosol nucleation often depends non-linearly on composition and ambient conditions (Andronache et al., 1997) . Calculations based on instantaneous mixing ratios and state parameters rather than the mean values used in this study may yield higher average nucleation rates in the lower troposphere and increase the sensitivity of the aerosol population to GCR ionization during the course of the solar cycle. An analysis of the diurnal variation of upper air temperature (Seidel et al., 2005) shows that the range of the diurnal upper air temperature variation remains generally below about 2 K over the oceans. A diurnal temperature variation would not change our conclusions, however, as during the day, when new particles form in our model, it would entail temperatures higher than the average used in our simulations. Variability on shorter timescales, such as resulting from cold/warm front passages may exceed the diurnal temperature range and be more relevant for new particle formation. However, variations in composition and ambient conditions would not result in a higher contribution of neutral binary nucleation to particle formation compared with charged binary nucleation in our simulations: Temperature, relative humidity, SO 2 and OH concentrations vary more strongly over our model area than can be expected for one given location, with neutral nucleation remaining negligible everywhere.
-Input data errors: Temperature, relative humidity, and the SO 2 and OH concentrations used in our simulations may differ from the actual climatological means, as the models used for their calculation resolve only selected processes above a certain spatial scale, while sub-grid processes are parameterized. A parameterization of convection overestimating e.g. the transport of SO 2 from the lower to the upper troposphere would thwart nucleation in the former and favor it in the latter. This would lead to an underestimation of the aerosol response in the lower troposphere to the variation in GCR ionization over the solar cycle. At the same time, the upper troposphere would appear as a more powerful source of new particles compared with the lower troposphere.
-Binary nucleation: The thermodynamic data for the small charged H 2 SO 4 /H 2 O clusters used in our model have been determined in the laboratory. In contrast, the thermodynamic data for the small neutral clusters are based on theoretical considerations, and have been adjusted to reproduce experimental nucleation rates. Therefore, while the majority of the particles in our simulations originates from charged nucleation, we cannot rule out efficient neutral binary nucleation, e.g. in the upper troposphere (at the 300 hPa level and above), where temperatures are low. The charged nucleation rate, however, is subject to uncertainties in the neutral thermodynamic data as well: The H 2 SO 4 content of the neutral critical cluster, which is a function of temperature and H 2 SO 4 concentration, influences the strength of nucleation from the charged channel.
-Ternary nucleation: While neutral ternary nucleation at ammonia concentrations as low as 5 ppt is predicted by model studies (Pirjola et al., 2000; Kulmala et al., 2002) , a recent experimentally constrained kinetic model of neutral ternary nucleation (Yu, 2005) indicates a negligible contribution of this mechanism to new particle formation in the tropospheric boundary layer. Observations show that in clean marine areas such as in the tropical Pacific, nucleation needs not to proceed even at very high H 2 SO 4 concentrations (Weber et al., 2001b) . Moreover, Brock et al. (1995) analyzed upper tropospheric aerosol and concluded that its composition is consistent with H 2 O and H 2 SO 4 only in tropical regions, while additionally containing a non-volatile component, possibly ammonium, at extra-tropical locations. Similarly, Yamato and Tanaka (1994) found that in the unpolluted free marine troposphere, sulfuric acid aerosol particles are neutralized by ammonia at a small degree, while in marine air masses originating from land, ammoniated particles dominate over sulfuric acid particles. These examples illustrate that ternary neutral nucleation involving ammonia is not necessarily involved in new particle formation in the unpolluted marine troposphere. Nonetheless, efficient neutral ternary nucleation cannot be ruled out, in particular over and near the continents, where ammonia concentrations are elevated (Dentener and Crutzen, 1994) . Then a variation of radiative forcing and cloud properties due to aerosol production responding to the change of GCR ionization in the course of the solar cycle could not be expected in these regions. In the case of efficient neutral ternary nucleation throughout the MBL, changes in ionization would have no effect on aerosol production, and upper tropospheric nucleation as a mechanism maintaining the MBL aerosol population would not be required. On the other hand, particle formation from charged ternary nucleation cannot be excluded, e.g. at locations with suitable ammonia concentrations, which would accelerate the formation of supercritical clusters from ions and thus increase a response of aerosol concentrations to the variation in GCR ionization.
-Positive ion chemistry: Cations are represented summarily by H 3 O + (H 2 O) 4 in our model. Heavier cations which recombine less rapidly with anions could allow more negative sulfuric acid/water clusters to grow to supercritical sizes before being neutralized. Complex cations, containing compounds other than water, could contribute to nucleation by recombination (Turco et al., 1998) . This possibility is supported by the observations of Eichkorn et al. (2002) , who observed massive positive ions in the upper troposphere. Positive sulfuric acid/water clusters e.g., while less potent to promote aerosol nucleation compared with their negative counterparts at temperatures of the lower troposphere (Froyd and Lovejoy, 2003a) , might therefore enhance production of neutral supercritical sulfate aerosol from recombination in favorable conditions such as in the upper troposphere, where temperatures are low.
-Cloud-aerosol interactions: Ultrafine aerosol particles are removed efficiently by precipitation (Andronache, 2004 ) before growing to cloud condensation nuclei. However, an increase in aerosol concentrations reduces drizzle via the second indirect aerosol effect and thus the removal of ultrafine particles. Conversely, a reduction of aerosol concentrations increases drizzle and the removal of ultrafine particles. Hence in regions where aerosol nucleation is correlated with ionization, the removal of ultrafine particles by precipitation would be reduced (enhanced) at times of increased (reduced) ionization. This feedback mechanism could result in a higher aerosol response to the variation in GCR ionization over the solar cycle in the lower troposphere than predicted by our model. On the other hand, recent observations (Twohy et al., 2005) showed that while differences in aerosol concentrations did affect cloud droplet concentrations, cloud droplet sizes, and drizzle rates in accordance with the first (Twomey, 1977) and second (Albrecht, 1989) indirect aerosol effects, the cloud optical depth and albedo remained unaffected, possibly due to concurrent changes in cloud thickness and liquid water path. This would imply a reduced response of cloud radiative forcing to a variation of aerosol concentrations resulting from changes in GCR ionization in the course of the solar cycle.
-Transport: Aerosol particles that are advected from strong localized sources and distributed over extended regions where they are activated to cloud droplets may strengthen (weaken) the response of cloud radiative forcing to a change in ionization depending on whether charged (neutral) nucleation prevails in the source region.
-Interpretation of satellite observations: The causal relationship between aerosol column concentrations and cloud properties implied by the correlations of Sekiguchi et al. (2003) is not mandatory: E.g., as discussed in Sect. 5.1, production of aerosol particles by clouds might contribute to the observed aerosol column concentration, thus weakening the causality. Also, satellite observations deliver clear-sky aerosol concentrations (Higurashi and Nakajima, 1999; Higurashi et al., 2000) , while cloud properties may be determined by below cloud aerosol (Twohy et al., 2005) , which is inaccessible to satellite observations.
We will try to assess here the uncertainty in our conclusions caused by neglecting the variability of composition and ambient conditions around the average values used in our simulations, and due to possible errors in these averages by means of a sensitivity study: Let us consider aerosol nucleation in the absence of preexisting aerosol, at 10 times the SO 2 concentration of our original simulations, in a relative humidity of 100%, and at temperatures 5 K below the long term daily mean. Our model predicts considerably higher aerosol concentrations in these conditions in the lower and middle troposphere (at the 925, 700, and 550 hPa pressure levels), which, however, remain below the noon aerosol concentrations at the 300 hPa level (Fig. 1d ) in the original conditions at all times. A change of shortwave radiative forcing from solar maximum to minimum due to the response of cloud cover and albedo to the change in aerosol nucleation of at most -0.44 W m −2 results from the modified conditions in the lower troposphere, twice as high as the maximum determined in the original conditions (Table 3) . Consequently, our conclusions would be significantly different only if the majority of marine boundary layer aerosol nucleated in the modified or more favorable conditions. Such conditions might occur e.g after the Atmos. Chem. Phys., 6, 4905-4924, 2006 www.atmos-chem-phys.net/6/4905/2006/ passage of a cold front, in the course of which frontal precipitation has cleaned the air from preexisting aerosol particles. However, SO 2 concentrations elevated well above the average would have to coincide with cold fronts. This sensitivity study also shows what results might be expected if all MBL aerosol formed from neutral and charged binary nucleation at temperatures reduced by 5 K below the average, in the immediate vicinity of stratiform clouds such as observed by Hegg et al. (1990) , where relative humidity can approach 100 %, and with SO 2 elevated e.g. due to advection of near-surface air containing DMS and SO 2 by large eddies.
Conclusions
Our results support the proposition that non-sea salt sulfate aerosol does not form in the tropical marine boundary layer, but in the upper troposphere, where it nucleates from convectively lifted and cloud processed boundary layer air rich in aerosol precursor gases. The newly formed particles slowly descend and grow in subsiding air masses compensating convection, and eventually enter the marine boundary layer, replenishing its aerosol population. At the same time, our results indicate that convection of marine boundary layer air supplies aerosol precursor gases to the source of condensation nuclei in the tropical upper troposphere which maintains the stratospheric aerosol layer in the absence of volcanic activity. While charged binary nucleation accounts for most of the aerosol production in our simulations, we cannot exclude that neutral binary nucleation of water and sulfuric acid or neutral and charged ternary nucleation of water, sulfuric acid, and ammonia do take place in the marine troposphere. Nonetheless, observations show that in clean marine regions, ammonia is not necessarily involved in new particle formation, making contributions from ions likely. However, our results indicate that the change in ionization by galactic cosmic rays in the course of the decadal solar cycle does not entail a response in aerosol production and cloud cover via the second indirect aerosol effect that would explain observed variations in global cloud cover. We estimate that the change in radiative forcing resulting from a response of clouds via first and second indirect aerosol effect to the increase in galactic cosmic ray ionization and subsequent aerosol production from solar maximum to minimum is at most -0.22 W m −2 in industrial times, less than the concurrent variation of total solar irradiance, and expect a smaller effect in pre-industrial times, except during periods of volcanic activity.
